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A B S T R A C T

The unprecedented positive δ13C excursion in carbonates deposited between 2.2 and 2.0 Ga, known as the
Lomagundi-Jatuli Event (LJE), has been documented globally and linked to the rise of atmospheric oxygen.
Increasing oxidation inevitably changed the atmosphere-hydrosphere system, but few chemostratigraphic or
quantitative constraints for the aftermath of this event exists. Here, we describe a ~200 m-thick carbonate
succession in the Huaiyincun Formation, Hutuo Supergroup, ~2.0–1.9 Ga, from the North China Craton. There is
a lithological transition from pink-purple dolostones to grey dolostones at ca. 91.6 m above the base of the
Huaiyincun Formation. The former are more enriched in hematite and detrital minerals, whereas the latter
contain more organic matter but almost no detrital phases. Meanwhile, the frequent occurrence of tempesite
structures, along with the abrupt decline of stromatolites in the upper Huaiyincun Formation, suggest a storm-
dominated environment. These distinct features within the Huaiyincun Formation reveal increased water depth
during a transgression event. Two types of Raman spectra of organic matter were found in the lower and upper
Huaiyincun Formation, respectively, which is proposed to be the result of variable oxidation.

At 65.6 m, 26 m below the lithological transition (~91.6 m), remarkable decreases in both δ13Ccarb and
δ34SCAS are observed. This discordance between C-S isotopic excursions and sedimentological and mineralogical
variations argues against a seawater depth gradient effect of the δ13Ccarb and δ34SCAS curves. Instead, the decline
of δ13Ccarb rather correlates with the negative δ13Ccarb excursions in ca. 2.0 Ga carbonates from Gabon and
Russia, known as the Shunga-Francevillian Event (SFE). The result of the quantitatively constrained paleo-
seawater [SO4

2−]sw suggests a crash of the seawater sulfate reservoir compared with that during the preceding
LJE. However, the decreased δ34SCAS and increased CAS concentration towards the top of the study unit re-
present the recovery of seawater sulfate reservoir. The coordinated decline in δ34SCAS and δ13Ccarb values is likely
related to enhanced oxidation of continental pyrite and organic matter in the aftermath of the LJE. The
Huaiyincun Formation therefore represents a critical interval that recorded dynamic carbon and sulfur cycles
after the LJE.

1. Introduction

Carbonates with anomalously high δ13C values were first discovered
in the Paleoproterozoic successions of the Lomagundi Group in
Zimbabwe and the Jatuli Group in Fennoscandia (Galimov et al., 1968;
Schidlowski et al., 1975). Since then, similarly high values (> 5‰) of

δ13C have been reported from carbonates in coeval successions world
wide (Bekker et al., 2006; Lindsay and Brasier, 2002; Melezhik and
Fallick, 2010; Préat et al., 2011). These unprecedented perturbations in
carbon isotope composition were thereby recognized as a worldwide
event termed as the Lomagundi-Jatuli event (Schidlowski et al., 1976;
Melezhik et al., 2005), ended by the return of δ13C values to near 0‰
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after 2060 Ma (Karhu and Holland, 1996; Martin et al., 2013a). The
termination and aftermath of these unprecedented perturbations in the
carbon cycle was represented by dramatic changes of δ13C from positive
to negative values in the 2090–1980 Ma Zaonega Formation in the
Onega paleo-basin and the 2083–2050 Ma Francevillian Series of
Gabon (Kump et al., 2011; Melezhik et al., 2015; Ossa Ossa et al.,
2018). This was recognized as the Shunga-Francevillian Event (SFE),
likely the result of massive oxidation of organic matter (OM) (Kump
et al., 2011). While the global nature of this negative carbon isotope
excursion remains to be confirmed, little effort has been paid to deci-
pher their local responses in various sedimentary environments.
Therefore, a combination of multiple geochemical proxies with solid
petrographic context is needed for a thorough understanding of the
dynamic biogeochemical cycles in the post-LJE oceans.

Oceanic sulfate plays a key role in biogeochemical C cycle through
bacterial sulfate reduction (Berner, 1989). Sulfur isotopes in sedimen-
tary rocks have been widely used to explore the oxidative weathering,
to quantify the seawater sulfate levels ([SO4

2−]sw) and to constrain
paleoredox states of the oceans (Algeo et al., 2015; Canfield and Teske,
1996; Guo et al., 2015; Luo et al., 2015,2016; Papineau et al., 2007; Shi
et al., 2018). A number of attempts have been made to reconstruct
Paleoproterozoic seawater sulfate concentrations and their connections
with the redox state of the atmosphere and hydrosphere (Bottrell and
Newton, 2006; Habicht, 2002; Luo et al., 2015, 2010; Planavsky et al.,
2012; Scott et al., 2014). Growing evidence shows that [SO4

2−]sw
during the LJE has greatly increased and probably reached a maximum
value of 10 mM at the falling limb of the LJE (Blättler et al., 2018), as a
result of the massive oxidative weathering of continental sulfides
(Konhauser et al., 2011; Planavsky et al., 2012). In stark contrast to the
remarkable expansion of sulfate reservoir during the LJE, [SO4

2−]sw in
the late Paleoproterozoic and early Mesoproterozoic is estimated to be
lower than 2.5 mM (Kah et al., 2004) or even much lower than 1 mM
(Luo et al., 2015; Fakhraee et al., 2019). Pyrite multiple-sulfur isotopic
data support a rapid expansion of the seawater sulfate reservoir (SSR)
during the Great Oxidation Event (GOE) at ca. 2.3 Ga followed by a
subsequent contraction of the SSR at ca. 2.05 Ga (Scott et al., 2014).
Details of the transition from expansion to contraction, however, re-
main obscure and require detailed investigations of coeval successions
elsewhere.

Shifts of δ13Ccarb value from +3.4‰ to<−3‰ have been docu-
mented in the carbonates of the 2.14–1.83 Ga Hutuo Supergroup in the
North China Craton (Zhong and Ma, 1997; Kong et al., 2011; She et al.,
2016), similar to those on other continents (Kump et al., 2011;
Melezhik et al., 2015; Ossa Ossa et al., 2018). It has been interpreted as
the result of a deglaciation event (Kong et al., 2011), or corresponding
to the onset of the SFE (She et al., 2016). Here we present high-re-
solution stratigraphic carbon and sulfur isotope data, combined with
detailed sedimentology and petrography of Paleoproterozoic carbo-
nates from the Huaiyincun Formation, Hutuo Supergroup in the North
China Craton. The coupled δ13Ccarb, δ13Corg and δ34SCAS data of the
Huaiyincun Formation shed new light on the critical period between
the LJE and the SFE.

2. Geological setting

The North China Craton is one of the oldest cratonic blocks in the
world that can be divided into the Eastern and Western blocks, sepa-
rated by the Trans-North China Orogen (Fig. 1a) (Zhao et al., 2001).
Paleoproterozoic volcano-sedimentary successions are widespread in
the North China Craton (Kusky and Li, 2003), the most representative of
which being the Hutuo Supergroup. The Hutuo Supergroup is part of
the Trans North China Orogen and is located in the Wutai area, Shanxi
Province (Fig. 1a). The thickness of the supergroup is estimated to be
more than 10,000 m, and the rocks have only been metamorphosed to
the sub-greenschist facies (Bai, 1986; Du et al., 2011). The base of the
Hutuo Supergroup sits unconformably on the early Paleoproterozoic

Gaofan Group and the Neoarchean Wutai Group. The Gaofan Group
consists of fine-grained terrestrial clastic rocks that are metamorphosed
to the greenschist facies (Bai, 1986), whereas the Wutai Group is a
sedimentary-volcanic sequence dominated by greenschist to lower
amphibolite facies metamorphic rocks (Peng et al., 2017). Bai (1986)
divided the Hutuo Supergroup from bottom to top into 3 groups
(Fig. 1b), the Doucun, Dongye and Guojiazai groups which were further
subdivided into 14 formations (Fig. 1a). The Doucun Group un-
conformably overlies the Gaofan or Wutai Groups, and was subdivided
into the Sijizhuang, Nantai, Dashiling and Qingshicun formations. Re-
cent discovery of striated and faceted boulders and dropstones in
sandstones and siltstone-mudstone facies of the lowermost Sijizhuang
Formation suggest that the deposition of the Hutuo Supergroup prob-
ably started with a deglaciation event (Chen et al., 2019). The presence
of continental flood basalt and bimodal volcanics and the change from
coarse clastic sediments into fine-grained siliciclastic rocks has been
well recognized in the Doucun Group, suggesting a rift-related en-
vironment during the crustal extension (Bai, 1986; Kusky and Li, 2003).
Unconformably overlying the Doucun Group, the Dongye Group com-
prises of, in ascending order, of the Qingshicun, Wenshan, Hebiancun,
Jianancun, Daguandong, Huaiyincun, Beidaxing and Tianpengnao for-
mations (Li et al., 1996). These formations are dominated by thick
bedded dolostone sequence with intercalations of metapelite and me-
tabasalt. The Huaiyincun Formation is overlained by the Beidaxing
Formation which ischaracterizied by grey dolomicrite. The Da-
guandong Formation underlying the Huaiyincun Formation consists of
dark-grey dolomicrite intercalated with greyish-green slate. Stromato-
lites with diverse domal and columnar morphologies are found
throughout the Dongye Group except for the Huaiyincun Formation
with only minor stromatolitic content (Bai, 1986). Upward in the suc-
cession, the Dongye Group is unconformably overlain by the Guojiazhai
Group, a non-marine molasse deposit which has been further sub-
divided into Xiheli, Heibeishan and Diaowangshan formations (Bai,
1986).

The depositional age of the Hutuo Supergroup has been constrained
by previous geochronological studies on sandstones and metavolcanic
interbeds (Fig. 1b) (Du et al., 2011, 2010; Liu et al., 2011; Peng et al.,
2017; Wan et al., 2010; Wilde et al., 2004). A group of zircons in ba-
saltic andesite from the bottom of the Sijizhuang Formation yielded a
weighted mean 207Pb/206Pb age of 2140 ± 14 Ma, which set the
maximum age for the base of Hutuo Supergroup (Du et al., 2010).
Detrital zircon geochronological work on the Guojiazhai Group pro-
duced youngest ages between 1.96 and 1.92 Ga (Liu et al., 2011; Du
et al., 2011). Considering the fact that the Guojiazhai Group is older
than its cross-cutting late Paleoproterozoic mafic dykes (1.78–1.75 Ga;
Peng et al., 2005) and the overlying Changcheng Group, Du et al (2017)
suggested that the Guojiazhai Group deposited between 1.9 and 1.8 Ga,
constraining the upper limit of the age of the Hutuo Supergroup. Direct
constraint for the age of the Huaiyincun Formation, however, is lacking,
because the formation consists exclusively of carbonate rocks. Sixty
four detrital zircons from the underlying Wenshan Formation yield a
207Pb/206Pb weighted mean age of 2068 ± 3 Ma (Du et al., 2011). A
mafic sill intruding the Qingshicun Formation gives a 2057 ± 25 Ma
zircon U-Pb age (Peng et al., 2017). Metasandstones collected from the
Hebiancun Formation contain a youngest group of zircons with ages
around 2010 Ma (Liu et al., 2011), indicating the deposition of the
overlying Huaiyincun Formation is later than 2.0 Ga. Collectively,
available data suggest that the deposition age of the Huaiyincun For-
mation can be roughly constrained between 2.0 and 1.9 Ga.

3. Sedimentary features

The Huaiyincun Formation is well exposed at the Huaiyincun East
section (GPS coordinates 38°39′22.09″N, 113° 7′31.82″E), ca. 1.5 km
northwest of Dongye Town (Fig. 1a). It conformably overlies the Da-
guandong Formation (Fig. 2a-b) and starts with dolostone intercalated
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with purple metapelite (Fig. 2c). The Huaiyincun Formation is char-
acterized by non-stromatolitic dolostone, with only a few beds of
stromatolitic bioherm occurring at ca. 15 m above the base (Fig. 2d). At
about 91.6 m above the base of the Huaiyincun Formation, a notable
lithological transition from pink dolostone to grey dolostone occurs
(Fig. 3a-b), marking the boundary between the lower and the upper
parts of the formation. The lower Huaiyincun Formation consists of
laminated or banded dolostone (Fig. 3c), with subordinate occurrence
of intraclastic dolostone (Fig. 3d). The upper Huaiyincun Formation,
however, is dominated by intraclastic dolostone, consisting of dolomitic
intraclasts with sizes ranging between 0.1 and 50 mm (Fig. 3e-f). Fre-
quent occurrence of hummocky cross-stratification (Fig. 3g), and
decimeter-thick cycles from normally-graded dolomitic calcarenite to
calcirudite (Fig. 3f) are observed in the upper Huaiyincun Formation.

4. Samples and methods

Thirty-four dolostone samples were collected from the ca. 200 m
interval of the Huaiyincun Formation in this study. All samples were
selected from fresh outcrop to minimize the impact of weathering.
Weathered surfaces and veins were cut off during sample preparation.
For comparison, two samples of organic-rich metapelites from the
Gaofan Group and a sample of banded iron formation (BIF) from the
Wutai Group were also studied.

Thin sections were prepared using conventional methods, ground to
30 µm thickness and polished. They were cleaned with distilled water to
remove surface contaminants. Petrographic characterization of thin
sections was conducted with two petrographic microscopes (a Zeiss
Axio Scope A1 at CUG-Wuhan and an Olympus BX51 at UCL) equipped
with 5X, 10X, 20X, 50X and 100X objectives under the transmitted and
reflected light. Photomicrographs were taken with the AxioVision LE64
imaging system and the Stream Start software that controls the UC50 (5
mega pixels) CCD camera.

Micro-Raman imaging was conducted at the London Centre for
Nanotechnology at UCL with a WITec α300 confocal Raman imaging
system. A 532 nm laser was used with a power between 7 and 10 mW
and focused with a 50X or 100X objective for both large and small area

scans, achieving spatial resolutions between 2000 and 360 nm. Each
pixel collected a Raman spectrum with a typical dwell time of 0.5 s. A
50 µm diameter optic fiber was selected as a compromise for confocality
and signal-to-noise ratio and a 600 grove/mm grating was used to
provide a large bandwidth of 4000 cm−1 and a spectral resolution of
4 cm−1. The targets for Raman imaging were examined under the re-
flected light to exclude areas of open cavities and popped-out grains
that could have captured contaminants from polishing. The analyses
were performed at least 0.5 μm below the sample surface to rule out
potential contamination on the sample surface. All Raman spectra
herein were generated by averaging pixels with nearly identical spectra
and processed with WITec Project FOUR 4.0. Cosmic rays were re-
moved under 2 cm−1

filter with dynamic factor of 8. Then the back-
ground was subtracted by using polynomial functions with up to the 7th
order. Minerals are shown coded in different colors according to their
characteristic peaks. Deconvolution of Raman peaks of OM (D1, D2, D3,
D4 and G) was performed using linear combinations of the Lorentz
function. Temperatures are estimated after Beyssac et al (2002) ac-
cording to applicable range of temperature.

For bulk geochemical analyses, fresh dolostone specimens were
crushed into mm-sized chips and handpicked to remove secondary
veinlets and weathered surfaces. The rock chips were ultrasonically
cleaned with distilled water and oven-dried at 50◦C before powdering
in a shatter box with tungsten carbide puck mill. Glass were shattered
between each sample to make sure no residue stick on the mill, then the
mill was cleaned with distilled water and ethanol between each sample.

The oxygen and carbon isotope ratios of carbonates (δ13Ccarb and
δ18Ocarb) were determined at the State Key Laboratory of Biogeology
and Environmental Geology, China University of Geosciences (Wuhan).
The analytical procedures followed previously described technique
(Song et al., 2014), for which 150–400 μg of powdered samples were
sealed in exetainers with a butyl rubber septum, and reacted with 100%
phosphoric acid at 72 °C after flushing the head space with helium. The
evolved CO2 gas was analyzed for δ13C and δ18O using a MAT 253 mass-
spectrometer coupled directly to a Finnigan Gasbench II interface
(Thermo Scientific). External reproducibility was better than 0.06‰ for
δ13C and 0.1‰ for δ18O (1σ) based on replicate analyses of two

Fig. 1. Simplified geological map of the Wutai area (a, modified after Bai, 1986) and generalized stratigraphic column of the Hutuo Supergroup (b, modified after
Bai, 1986) with previously published age data. Inset in a, tectonic framework of the North China Craton showing the study area. Ar, Archean; GJZ, Guojiazhai Group.
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laboratory marble and calcite standards (GBW 04416 and GBW 04417).
Analytical precision is better than 0.02‰ for δ13C and 0.06‰ for δ18O.

For the determination of carbon isotope ratios of organic carbon
(δ13Corg), 2 g of sample powder was decarbonated with 6 M HCl for
12 h. The residue was rinsed with deionized water until neutral pH was
achieved, then centrifuged and freeze-dried for 24 h. Decarbonated
sample powders of the low TOC samples from the lower Huaiyincun
Formation were treated with HF for removal of silicates, rinsed with
deionized water and dried. Sample powders (typically 0.1 to 0.2 g)
were mixed with CuO powder, and a piece of Pt wire and were loaded
into a quartz tube. The tubes were evacuated, sealed and combusted at
850° for 4 h. The resulting CO2 was cryogenically isolated and sealed in
glass tubes for δ13Corg analysis. The CO2 was analyzed using a Finnigan
MAT 251 isotope-ratio mass spectrometer (IRMS) at the State Key
Laboratory of Geological Processes and Mineral Resources in China
University of Geosciences using the GBW04407 (δ13C = −22.4‰) and
GBW04408 (δ13C = −36.9‰) (China national standards) as the cali-
brating standards. Replicate analyses of the standards gave an external
reproducibility of 0.3‰ (1σ). Analytical precision is better than 0.06‰.

The extraction of carbonate-associated sulfate (CAS) followed the

procedure of Thompson and Kah (2012). Due to the generally low
concentrations of CAS in Precambrian dolostones, 200 g of each sample
was used during the extraction. The powdered samples were immersed
in 10% NaCl solution for 24 h, and supernatant was pumped out to
remove OM and soluble sulfate. The supernatant was tested with BaCl2
solution (250 g/L) to make sure that soluble sulfate has been com-
pletely removed. The insoluble substance was leached three times with
deionized water. After addition of 3 mol/L hydrochloric acid, the so-
lution was stirred and kept at pH < 2 during the reaction. The solution
was then filtered with glass fiber filter with pore size of 0.45 μm. Ap-
proximately 200 ml of 250 g/L BaCl2 solution was then added to the
percolate to precipitate the sulfate as BaSO4. Finally, the BaSO4 pre-
cipitates were dried, weighed, and prepared for sulfur isotope analyses.
CAS concentrations were calculated through the mass of sulfate radical
in the BaSO4 precipitates and the samples used in extraction.

Sulfur isotope ratios of CAS (δ34SCAS) were measured at the State
Key Laboratory of Biogeology and Environmental Geology, China
University of Geosciences (Wuhan). Barium sulfate precipitates were
homogenized, combined with an excess amount of V2O5, and analyzed
using a Finnigan MAT 252 gas source mass spectrometer fitted with an

Fig. 2. Outcrops of the Daguandong (DGD) and Huaiyincun (HYC) formations. a, The measured Huaiyincun East section showing the boundary between the two
formations and the change in color of the Huaiyincun carbonates. Dolostone was being mined in the quarry. b, Closer view of the HYC/DG boundary. c, Medium
bedded dolostone intercalated with purple metapelites near the base of the Huaiyincun Fm. (the marked area in b). d, A bed of meter-size stromatolitic bioherm near
the base of the Huaiyincun Formation. e, Decimeter-size domal stromatolitic dolostone of the Daguandong Formation. (For interpretation of the references to color in
this figure legend, the reader is referred to the web version of this article.)
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elemental analyzer for on-line sample combustion. All sulfur isotope
compositions are expressed in standard delta notation as per mil (‰)
deviations from Vienna Canyon Diablo Troilite (V-CDT). NBS 127
(20‰), IAEA S05 (0.5‰) and IAEA S06 (-34.1‰) are using as the
calibrating standards based on 8 replicate analyses. The average values
are 20.1‰, 0.5‰ and −34.1‰, and standard deviations are less than
0.2‰.

5. Result

5.1. Mineralogy

Mineral assemblage of the carbonate rocks is characterized by do-
lomite + quartz + muscovite + feldspar throughout the Huaiyincun
Formation, based on petrographic observations of 34 samples. The
lower Huaiyincun Formation (below 91.6 m) has abundant hematite
disseminations and sometimes hematite films coating carbonates or

other minerals such as zircons (Fig. 4b, c, f). Large grains of detrital
minerals such as feldspar, quartz, rutile and rounded apatite> 20 μm
in diameter are also found in the lower Huaiyincun Formation (Fig. 4b-
c, e-f), but are absent from the overlying grey dolostone (above 91.6 m)
(Fig. 4h-i, k-l). The abundance of disseminated hematite is greatly re-
duced in the upper Huaiyincun Formation (Fig. 4l), where it sometimes
occurs as fracture-fillings (Fig. 4h). Moreover, the lower abundances of
hematite in the upper Huaiyincun Formation apparently corresponds to
relative enrichment of OM (Fig. 4c, f) compared with samples of the
lower Huaiyincun Formation (Fig. 4i, l).

5.2. Raman spectroscopy of OM

Based on analyses of 30 samples in the Huaiyincun Formation (4
samples have no Raman signal of organic matter), two different types of
Raman spectra for OM are identified by their FWHM (full width at half
maximum) of peaks and D/G band positions (Fig. 5, Table 2). In the

Fig. 3. Sedimentary structures of the Huaiyincun Fm. a, Transition from pink dolostones to grey dolostones. b, Grey dolostones of the upper Huaiyincun Formation. c,
Pink banded dolostones. d, Imbricated edgewise intraclasts. e, Intraclastic dolostone showing normally graded bedding with a basal scour surface. f, Repeated cycles
of normally graded (upward fining indicated by arrow) and laminated intraclastic dolostones, each starting from a basal scour surface (white lines). Inset in f, Closer
view of sand-sized dolomitic intraclasts and graded bedding in the marked area. g, Decimeter-scale hummocky cross-stratification (HCS). c-d, Lower Huaiyincun
Formation; e-g, Upper Huaiyincun Formation. (For interpretation of the references to color in this figure legend, the reader is referred to the web version of this
article.)
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lower Huaiyincun Formation, the spectra of OM are characterized by a
broad D1 peak (FWHM = 244 cm−1) located at 1350 cm−1 and a G
band (FWHM = 79 cm−1) at 1580 cm−1. In the upper Huaiyincun
Formation, however, the spectra display a narrow and intense D1 band
(FWHM = 51 cm−1) located at 1352 cm−1 whereas the G band is lo-
cated at 1599 cm−1 (FWHM= 48 cm−1). Moreover, a weak 2D band at
around 2964 cm−1 is clearly visible in the upper Huaiyincun samples,
but absent in the lower Huaiyincun samples.

Raman spectra of graphite from the Gaofan Group, an OM-rich
succession unconformably underlying the Hutuo Supergroup, are

characterized by a much narrower D1 band at 1361 ± 1 cm−1

(FWHM = 43 and 64 cm−1) and a more prominent G band
(FWHM = 20 and 23 cm−1) centered at 1587 ± 1 cm−1. Raman
spectra of graphite from a BIF succession of the Wutai Group, are also
characterized by a D1 band at around 1342 cm−1 (FWHM = 60 cm−1)
and a narrow G band (FWHM = 23 cm−1) centered at around
1578 cm−1.

Fig. 4. Hand specimen photos (a, d, g, j), photomicrographs (b, e, h, k; transmitted light, plane polarized) and Raman images (c, f, i, l) of representative samples. a,
Hand specimen from 22 m above the base; b, Photomicrograph of the sample in a; c, Raman image of the marked area in b, highlighting the zircon and feldspar
crystals. d, Hand specimen from 91.6 m; e, Photomicrograph of the sample in d; f, Raman image of the outlined area in e, showing type I OM (OM1), feldspar, rutile
and large apatite grain. g, Hand specimen from 134 m; h, Photomicrograph of the sample in g; i, Raman image of the marked area in h, showing muscovite, hematite
and type II OM (OM2). j, Grey dolostone from 192 m (upper Huaiyincun); k, Photomicrograph of the specimen in j; l, Raman image of the outlined area in k, note the
higher abundance of organic matter (type II, OM2); m, Raman spectra of minerals highlighted in the Raman maps. Red boxes in b, e, h and k show the areas for
Raman imaging in c, f, i and l. Color coding of the mineral phases in the Raman images: pink-muscovite (Ms), green-dolomite (Dol), white-feldspar (Fsp), orange-
zircon (Zrn), yellow-titanium dioxide (rutile (Rt) and anatase (Ant)), purple-hematite (Hem), blue-quartz (Qtz), turquoise-apatite (Ap), red-organic matter (OM).
Coins in a, d, g, j are 20 mm in diameter. (For interpretation of the references to color in this figure legend, the reader is referred to the web version of this article.)
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5.3. C isotopes of carbonate and OM

δ13Ccarb and δ18O values measured in this study (n = 36, including
2 duplicates) and cited from She et al. (2016) (n = 10) for the 194-m
thick Huaiyincun Formation range between +1.5‰ and −3.7‰ V-
PDB (n = 46), with an average of−2.0‰ (Table 1, Fig. 6), whereas the
δ18O values vary from −6.1‰ to −9.7‰ with an average of −8.6‰.
Two stages can be recognized in the δ13Ccarb curve. δ13Ccarb values
ranging between +1.4‰ to −0.3‰ are observed in the lower part of
the formation (0–65.6 m), with an average of 0.2‰. From 65.6 m to
82.5 m, the δ13Ccarb curve shows an abrupt decrease from −0.1‰ to
−3.7‰. Starting from 82.5 m, the δ13Ccarb values are persistently ne-
gative, showing a slightly, but systematically increasing trend from
−3.4 to −2.3‰.

Values of δ13Corg range between −26.0‰ and −28.9‰, with an
average of −27.8‰ (n = 27, including 1 duplicate). Generally, δ13Corg

co-varies with δ13Ccarb (Fig. 6), with a △13C (δ13Ccarb-δ13Corg) of
27.7‰ - 24.1‰ (Table 1). A slightly decreasing tendency is observed
below 71 m, which corresponds to the decrease in δ13Ccarb values
(Fig. 6). The TOC of dolostones in the Huaiyincun Formation is 0.02‰
or lower.

5.4. Concentration and S isotopes of carbonate-associated sulfate (CAS)

CAS concentrations of samples in the upper Huaiyincun Formation
range from 2.76 to 28.09 ppm (Table 1) with an average value of
15.39 ppm (n = 15), displaying an overall increasing trend (Fig. 6). For

samples below 135.5 m in the section, the amount of precipitated
BaSO4 was too small to be precisely weighed and therefore the CAS
concentration was not determined. The generally low CAS level, how-
ever, did not affect the determination of δ34SCAS because the required
amount of sulfate is at the µg level. Values of δ34SCAS of the Huaiyincun
dolostones fluctuate between +33.1‰ and −1.2‰ (Table 1) with an
average of +15.3‰ (n = 27, including 1 duplicate). The decline in
δ34SCAS is observed starting at 65.6 m with the highest value of 33.1‰,
followed by a generally decreasing trend through most of the upper
Huaiyincun Formation (Fig. 6).

6. Discussion

6.1. A transgressional event recorded in the Huaiyincun Formation

Previous studies have suggested that the Huaiyincun Formation
represented a period of maximum transgression in the Hutuo
Supergroup (Bai, 1986). Our observations, however, document more
details of the depositional environment for the Huaiyincun Formation.
In contrast to the underlying Daguandong Formation, which consists of
abundant stromatolites (Fig. 2e), only a few beds of stromatolites are
found in the Huaiyincun Formation. The imbricated edgewise in-
traclasts in the lower Huaiyincun Formation (Fig. 3d) point to a prox-
imal deposition at the storm surge. Further upsection, frequent occur-
rences of hummocky cross-stratification (Fig. 3g) suggest deposition
between the storm wave base and the fair weather wave base. In the
upper Huaiyincun Formation, repeated occurrences of decimeter-thick

Fig. 5. Raman images (a-b, d-e) and spectra (c, f) of two types of OM from the Huaiyincun Formation, compared with those of OM from the Gaofan and Wutai groups
(g). a, Raman image of the dolostone (No.15DY12-09) at 91.6 m of Huaiyincun Formation; b, Distribution of organic matter in sample 15DY12-09 showing the
regions of interest where the Raman spectra in c were extracted; c, Raman spectra of selected organic matter in b; d, Raman image of the dolostone (No.15DY12-20)
at 134 m; e, Distribution of organic matter in sample 15DY12-20 showing the regions of interest where the Raman spectra in f were extracted. f, Raman spectra of
selected organic matter in e. g, Comparison of Raman spectra with peak-fitting results. Color coding for minerals and organic matter: pink-muscovite, green-dolomite,
white-feldspar, yellow-titanium dioxide (rutile and anatase), purple-hematite, blue-quartz, turquoise-apatite, red-organic matter. (For interpretation of the references
to color in this figure legend, the reader is referred to the web version of this article.)
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cycles from normally graded calcarenite to calcilutite (Fig. 3f) are
consistent with deposition of older carbonate rock eroded by storm
(dolomitic detritus) on a carbonate ramp below the storm wave base,
suggesting an increase in water depth. The abrupt decline of stroma-
tolites and the dominance of storm-induced deposition are consistent
with a prominent transgression which led to the drowning of the Hutuo
carbonate platform.

Mineralogy of the Huaiyincun carbonates reveals further changes in
depositional environments across the Huaiyincun Formation (Fig. 4).
Compared with the upper Huaiyincun Formation, the pink dolostone in
the lower Huaiyincun Formation contains more detrital phases derived
from continental weathering. The enrichment of hematite and the ab-
sence of pyrite in the lower Huaiyincun Formation reveal an oxidized
shallow marine environment. This is consistent with higher iodine
concentration in some Paleoproterozoic carbonates, which suggests that
a shallow marine oxycline persisted through the Proterozoic Eon
(Hardisty et al., 2017). By contrast, the upper Huaiyincun Formation is
characterized by lower abundance of hematite (Fig. 4). This transition
from dolostone rich in hematite and detrital minerals to those with less

detrital phases and hematite, is consistent with the interpretation from
sedimentology of a transgression to a deeper and less oxidizing marine
environment.

In summary, sedimentological and mineralogical features suggest an
overall increase in water depth from the lower part to the upper part of
the Huaiyincun Formation. This transgression likely resulted in a
transition to less oxidizing water column and hence the color change
from pink to grey in the dolostones. The frequent occurrence of storm-
related sediments also suggests an depositional environment connected
with the open ocean for the Huaiyincun Formation, which has likely
captured signals of global biogeochemical changes after the LJE.

6.2. Authigenicity and variable oxidation of OM

TiO2 minerals, apatite and quartz have been observed in association
with microfossils and mineralised biomass in barite and chert (Djokic
et al., 2017; Papineau et al., 2017), although these kinds of minerals
can be either authigenic or detrital in origin. In the lower Huaiyincun
dolostones, large grains of TiO2 mineral, apatite and quartz are usually

Table.1
Geochemical data of carbonates in the Huaiyincun Formation.

Sample No. Statigraphic Position (m) δ13Ccarb δ18Ocarb δ18Ocarb* δ34SCAS δ13Corg TOC CAS
(‰ V-PDB) (‰ V-PDB) (‰ V-SMOW) (‰ V-CDT) (‰ V-PDB) (wt%) (ppm)

11DX109-2 2.7 1.5 −8.0 22.6
11DX109 3.7 1.4 −7.1 23.6
11DX108 15.1 −0.3 −7.8 22.9
15DY12-2 15.5 0.0 −7.6 23.1 25.2 −27.2 0.02
15DY12-3 21.5 −0.1 −7.9 22.8 16.3 −26.0 0.01
15DY12-4 35.4 0.1 −8.9 21.7 17.9 −27.6 0.01
11DX107 37.0 −0.3 −7.0 23.7
15DY12-5 39.4 −0.3 −8.6 22.1 22.2 −26.6 0.01
11DX106 44.0 −0.2 −7.6 23.1
15DY12-7 65.6 −0.1 −7.6 23.1 33.1 −27.5 0.02
11DX105 68.0 −0.9 −6.9 23.8
15DY12-8 71.0 −0.8 −7.0 23.7 26.4 −28.0 0.01
15DY12-9 82.5 −3.7 −6.1 24.6 28.3 −28.1 0.02
11DX104 86.0 −3.4 −7.8 22.9
15DY12-10 89.2 −3.4 −7.8 22.9 18.2 −28.4 0.02
15DY12-11 91.6 −2.6 −7.0 23.7 18.4 −27.4 0.02
15DY12-13 101.9 −3.1 −9.3 21.4 15.4
11DX102 105.0 −3.0 −8.3 22.4
15DY12-14 107.2 −2.9 −9.2 21.4 17.6
15DY12-15 111.9 −28.9 0.01
11DX101 115.0 −3.3 −9.2 21.4
15DY12-17 123.1 −28.8 0.02
15DY12-18 124.0 −3.0 −9.5 21.2 21.3
11DX100 129.0 −2.8 −8.8 21.8
15DY12-19 129.2 −28.4 0.01
15DY12-20 134.0 −2.9 −8.8 21.8 15.1
15DY12-21 135.5 −2.9 −8.8 21.9 6.3 −27.7 0.01 22.96
15DY12-23 138.8 −2.9 −9.2 21.5 12.6 −27.8 0.01 4.11
15DY12-24 144.8 −2.8 −8.8 21.9 11.6 −28.2 0.01 2.97
15DY12-25 −28.5 0.02
15DY12-26 150.8 −2.9 −8.7 21.9 16.3 −27.8 < 0.01 11.77
15DY12-27 151.9 −2.8 −9.3 21.4 10.1 −28.3 0.01 17.79
15DY12-28 152.8 −2.9 −9.4 21.2 −27.8 0.01 2.76
15DY12-29 156.5 −2.9 −9.7 20.9 0.6 −28.3 0.01 13.25
15DY12-30 158.2 −2.8 −9.2 21.4 9.8 −27.6 0.01 10.41
15DY12-31 160.0 −2.7 −9.4 21.2 9.8
15DY12-32 165.6 −2.6 −9.1 21.5 11.5 −27.9 < 0.01 18.22
15DY12-33 168.9 −2.4 −9.2 21.4 16.4 −27.7 < 0.01 22.15
15DY12-34 173.6 −2.3 −9.3 21.3 −26.4 < 0.01 11.50
15DY12-35 178.4 −2.4 −9.6 21.0 −1.2
15DY12-36 180.0 −2.3 −9.5 21.2 16.63
15DY12-38 189.9 −2.3 −9.0 21.6 2.8 −27.1 0.01 22.20
15DY12-39 192.3 −2.4 −9.7 20.9 15.0 −27.8 0.01 26.12
15DY12-39 192.3 −2.2 −9.1 21.5 28.09
15DY12-40 194.0 −2.2 −9.2 21.4 17.5 −27.7 0.01
15DY12-40 194.0 −2.3 −9.4 21.2

δ18Ocarb values were corrected assuming dolomite was the dominant carbonate mineral. δ18Ocarb-SMOW values were calculated according to the equation in Coplen
et al., 1983.
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rounded (Fig. 4c, f), suggesting that they are detrital minerals that have
been transported over a distance before their final deposition. By con-
trast, detrital contents are much lower in the grey dolostones of the
upper Huaiyincun Formation, whereas OM particles are more enriched
(Fig. 4i, l). The negative correlation of detrital and OM contents, along
with the fact that OM in the Huaiyincun samples mainly occurs as
disseminations in dolomites (Fig. 4i, j; Fig. 5a-b, d-e), are consistent
with an authigenic origin for the OM.

Metamorphic temperatures were calculated on the basis of the
empirical Raman thermometer calibrated with carbonaceous material
in metasediments from Western Alps (Beyssac et al., 2002). Raman
spectra of the OM in the Huaiyincun Formation yield peak meta-
morphic temperatures between 327 and 337 °C (Table 2). These fea-
tures are distinctly different from those of the Gaofan and Wutai sam-
ples (Fig. 5g) which yield significantly higher peak metamorphic
temperatures, ranging between 417 and 507 °C (Table 2). The promi-
nent G-band at ca. 1590 cm−1 and much less intense D-band of OM in
the Gaofan and Wutai groups suggest a higher degree of thermal

maturation, consistent with a metamorphic grade of the greenschist
facies to lower amphibolite facies derived from mineral assemblages
(Bai, 1986; Peng et al., 2017). These observations can be used to ex-
clude the possibility that the Huaiyincun OM is detrital in origin, and it
is not derived from older OM-bearing successions. Moreover, the main
mineral assemblages and microstructures do not show significant
changes within the whole Huaiyincun Formation, indicating that all the
Huaiyincun dolostones underwent the same grade of metamorphism,
and that the Raman spectral variations of the OM were caused by dif-
ferent thermal maturation is unlikely. Although graphite crystals can
produce Raman spectra with different ratios of D and G band intensities
depending on the incident angle of laser (Beyssac et al., 2003; Wang
et al., 1989), it cannot account for the difference in FWHM and the
distinct Raman spectra of the Huaiyincun OM. Hence, the two types of
OM in the Huaiyincun Formation are both primary OM and their
spectral differences are not related to different thermal maturation or
orientation of graphite domains. Recent Raman spectroscopic studies of
graphitic carbons associated with apatite in a range of metamorphosed

Table 2
Parameters of the fitted Raman spectra for representatitive organic matter in the Huaiyincun Formation and the Gaofan and Wutai Group.

Succession Sample Raman peak Raman shift (cm-1) FWHM Peak Area R2 T °C Formula

Huaiyincun Formation 15DY12-20(OM2) D1 1352 51 3148 0.992 337 T(°C) = −445 × R + 641
R = [D1⁄(G + D1 + D2)]
(Beyssac et al., 2002)

D2 1625 20 146
D3 1245 100 200
D4 1510 100 100
G 1599 48 1314

Huaiyincun Formation 15DY12-09 (OM1) D1 1350 224 16,951 0.966 327
D2 1620 19 244
D3 1245 160 798
D4 1510 110 2000
G 1580 79 6866

Gaofan Group 11DX118 D1 1362 43 696 0.999 507
D2 1627 12 35
G 1587 20 1583

Gaofan Group 11DX120 D1 1360 64 464 0.995 418
D2 1628 11 20
G 1588 25 440

Wutai Group WUT1502 D1 1342 60 983 0.956 424
D2 1612 30 100
G 1578 23 936
G 1599 48 1314

Fig. 6. Stratigraphic variations of δ34SCAS, δ13Ccarb, δ18Ocarb, δ13Corg and total organic carbon (TOC) in the Huaiyincun Formation. The solid black line represents
smoothed LOESS (locally weighted scatterplot smoothing), which determines a best-fit trend for irregularly distributed time-series data using an inverse-distance-
squared weight function (cf. Cleveland et al., 1992). The LOESS curves were calculated from δ13Ccarb, δ13Corg, δ34SCAS, [CAS] and δ18Ocarb data of the Huaiyincun
Formation. 1σ confidence interval of the overall trend for each column is shaded in green. 2σ confidence intervals are shown in red dash line. LHYC, lower
Huaiyincun Formation; UHYC, upper Huaiyincun Formation; DGD FM, Daguandong Formation. The stratigraphic column was colored according the color and
mineralogy of the dolostones (i.e., enrichment or lack of hematite). (For interpretation of the references to color in this figure legend, the reader is referred to the web
version of this article.)
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Precambrian Banded Iron Formations show that more than one type of
OM crystallinity can occur in individual rocks, sometimes within only a
few microns distance (Dodd et al., 2019). It is thus possible that the two
types of OM result from variable oxidation, whereby more prominent
D1 peaks represent higher levels of functional groups, or from different
sources of primary OM from the depositional environment.

6.3. Impact of post-depositional processes on C and S isotope compositions

During post-depositional processes such as metamorphism and di-
agenesis, original carbon and oxygen isotope signals of carbonate rocks
could either be altered at various degrees (e.g., Bickle et al., 1997), or
retained even under the amphibolite-facies conditions (e.g., Baker and
Fallick, 1989a, 1989b). It has been shown that diagenesis tends to result
in a decrease in both δ13Ccarb and δ18Ocarb (Bekker et al., 2006;
Melezhik and Fallick, 2010), which led to the use of the co-variation of
δ13Ccarb and δ18Ocarb as an indicator of post-depositional alteration of C
and O isotope compositions. However, the carbon isotope system of
carbonate is strongly buffered to the primary δ13C signal because the
abundance of carbon in pore water and diagenetic fluids is much lower
than that in carbonates (Banner and Hanson, 1990). Therefore, carbon
isotope composition of most of the bulk rock samples are unlikely to
change significantly during diagenesis and metamorphism. As shown in
Fig. 7a, there is no correlation between δ13Ccarb and δ18Ocarb in the
Huaiyincun samples, suggesting that the C-O isotopic systematics is
unlikely affected by post-sedimentary processes.

There are concerns about laboratory-introduced artifacts or post-
depositional alterations regarding the S isotope of CAS. Studies have
shown that pyrite oxidation can occur during the extraction of CAS
(Marenco et al., 2008; Mazumdar et al., 2008). Powders of our samples
were completely dissolved with 3 M HCl, and solutions were kept at
pH < 2 during the reaction to minimize pyrite oxidation (Thompson
and Kah, 2012). Furthermore, no pyrite has been found in the studied
samples through petrographic observations and Raman imaging (Figs. 2
and 4). The absence of co-variation between δ34SCAS and CAS (Fig. 7c)

concentration further excludes the possibility of CAS contamination by
the oxidation of pyrite during extraction (Marenco et al., 2008;
Mazumdar et al., 2008). The very low contents of CAS with extremely
high δ34S values can also exist in carbonates precipitated in methanic
zone (Planavsky et al., 2012). However, neither anomalously positive
δ13Ccarb nor the correlation between δ34SCAS and δ13Ccarb were found
within the Huaiyincun Formation (Fig. 7d). Besides, the generally high
δ13Corg values are inconsistent with the large negative excursions re-
lated to methanogenesis. The potential effect of methanic environment
can therefore be excluded. The impact of diagenetic overprint on CAS
has been studied by Fichtner et al. (2017). The results reveal that the
δ34SCAS withstands burial diagenesis, and reliably preserves the record
of ambient seawater sulfate. The exchange between CAS and carbonate
at temperatures of> 200 °C would increase the δ18OCAS values, which
would cause decrease in δ18Ocarb values. Thus, although a weak cor-
relation between δ 34SCAS and δ18Ocarb is observed (Fig. 7b), we con-
sider the δ34SCAS values of dolostones in the Huaiyincun Formation
reflect primary seawater signature. Also, despite meteoric diagenesis
and dolomitization in carbonate rock, it has been argued that isotopic
composition of CAS is sufficiently buffered against isotopic exchange
(Gill et al., 2007; Lyons et al., 2004). Therefore, the studied samples
have most likely preserved their primary carbon and sulfur isotope
compositions.

6.4. Post-LJE negative carbon isotope excursions: a local or global signal?

The carbon isotopic composition of carbonate and OM can provide
insights into the oceanic carbon reservoir, which is linked to the redox
state of the ocean and the atmosphere (Ossa Ossa et al., 2018). Car-
bonates from the Huaiyincun Formation show roughly synchronous
variations in both δ13Ccarb and δ13Corg values, which suggest that the
carbonate and organic carbon were likely from the same dissolved in-
organic carbon (DIC) reservoir. The significant decrease of δ13Ccarb

values from −0.1‰ to −3.7‰ is observed between 65.6 m and
82.5 m, sandwiched between a lower part with δ13Ccarb values around

Fig. 7. Cross plots of δ13Ccarb vs. δ18Ocarb (a), δ18Ocarb vs. δ34SCAS (b), CAS vs. δ34SCAS (c) and δ13Ccarb vs. δ34SCAS (d) for the Huaiyincun dolostones.
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0‰ and an upper part with δ13Ccarb values around −3‰. Similar
transition from 0‰ to a few permil negative values of δ13C can be
found in modern seawater with the increase of water depth. In the
modern Pacific Ocean, δ13C values of DIC in surface seawater are
around +2‰ and gradually decrease to about −1‰ at 1000 m depth
(Kroopnick, 1985). Larger gradient of δ13C values could be maintained
if a stable chemocline was present, separating oxic surface water from
deep anoxic water (Jiang et al., 2007). In the Black Sea, a gradual de-
crease of δ13C by 7‰ has been documented from the surface water to
2100–2200 m depth (Deuser, 1970; Fry et al., 1991). In the Huaiyincun
environment, the change in water depth was apparently too small to
create a δ13C gradient of −3‰. Furthermore, the abrupt increase in
water depth at 91.6 m as manifested by the transition from hematite-
and detrital-rich dolostones to the relatively organic-rich dolostones
clearly postdate the onset of the decline in δ13C carb at 65.6 m. Thus, it is
unlikely that the negative δ13Ccarb excursion in the Huaiyincun For-
mation represents the local depth gradient of seawater C isotope.

A few other processes can produce low δ13Ccarb values, including
oxidation of previously deposited OM (e.g., Kump et al., 2011). Anae-
robic oxidation of methane (AOM) can also generate carbonates with
negative δ13Ccarb (Hayes and Waldbauer, 2006; Iudovich et al., 1990).
Dolostones with negative δ13Ccarb in the Huaiyincun Formation are
unlikely related to AOM because it would produce carbonates with
δ13Ccarb values much lower than −3‰ (Jiang et al., 2003) or higher
than +15‰ (Dix et al., 1995), along with OM with δ13Corg < −29‰
(Hayes, 1994).

Considering the age of the Huaiyincun Formation which has been
constrained between 2.0 and 1.9 Ga, the slightly positive to near-zero
δ13Ccarb values of carbonates in the lower Huaiyincun Formation and
the underlying successions (the Daguandong, Jianancun, Hebiancun
formations) (She et al., 2016) likely correspond to the aftermath of the
LJE. During the LJE, the flourishing primary productivity as photo-
autotrophic bacteria followed by the rise of oxygen level provided
abundant biomass with δ13Corg lower than −20‰, the burial of which
led to the largest ever positive δ13C excursions in coeval seawater
(Martin et al., 2013b). This event was thought to have ended as the δ13C
values in sediments returned to around 0‰ at ca. 2060 Ma (Martin
et al., 2013a). Nevertheless, a negative δ13C excursion in carbonates
and shales occurred shortly after the LJE, with δ13Ccarb down to
−13.4‰, which was interpreted as a signal of the re-oxidation of the
OM generated in the preceding LJE (Kump et al., 2011). Regional
methanotrophy could also explain the negative shift of δ13Corg (Qu
et al., 2012). The decline in δ13Ccarb at 65.6–82.5 m of the Huaiyincun
Formation is consistent with those in other successions in the post-LJE
(Fig. 8), including the 2090 to 1980 Ma Zaonega Formation in Russia,

with a drop from about +5‰ to<−10‰ (Kump et al., 2011), and the
negative carbon isotope excursion in ~2.05 Ga Francevillian Group
(Ossa Ossa et al., 2018). Although a distinct large-step negative δ13C
excursion of about 14% was reported in the Zaonega Formation (Kump
et al., 2011), part of the carbonate samples were thought to have been
altered by post-depositional processes (Črne et al., 2014). Melezhik
et al. (2015) reviewed the database of the Zaonega Formation and
convincingly recognized the least altered δ13Ccarb values ranging from
about +5‰ to about −5‰. The minor differences in amplitude of the
negative excursion among these three localities reveal the spatial and
temporal heterogeneity of δ13C variations of the post-LJE. The rela-
tively small δ13C excursion (-3.6‰) in the Huaiyincun Formation seems
likely to represent the signature of the global DIC reservoir although
more δ13C data from coeval carbonates is needed to support this hy-
pothesis. The Huaiyincun Formation thus lends support to the view that
this negative carbon isotope excursion was a global or at least a multi-
basinal phenomena with variable local records. Such a widespread
negative δ13C excursion would require oxidation of large quantities of
OM if contemporaneously occurring in several basins and hence a
drawdown of the atmospheric and oceanic oxygen level.

6.5. Contraction and recovery of the marine sulfate reservoir

Sulfate evaporites deposited on carbonate platforms during the LJE
provide solid evidence for the expansion of SSR(Bekker and Holland,
2012). Narrow range of δ34S values and ubiquitous presence of eva-
poritic sulfate deposition from this interval have shown that the con-
temporaneous sulfate level of seawater ([SO4

2−]sw) reached a sizeable
value (Blättler et al., 2018; Melezhik et al., 2005; Planavsky et al., 2012;
Préat et al., 2011; Reuschel et al., 2012; Schröder et al., 2008). A recent
study on the ~2.1 Ga evaporites in the Tulomozero Formation of the
Onega Basin, Russian Karelia further documented the presence of a
substantial oxidant reservoir (> 10 mM) in the form of marine sulfate
(Blättler et al., 2018). In the Dashiling Formation of the Doucun Group,
however, abundant halite pseudomorphs have been observed whereas
no gypsum (pseudomorphs) was reported (Bai, 1986). This suggests
that the Hutuo Supergroup probably witnessed the contracted marine
sulfate reservoir at the termination of the LJE.

Several proxies have been used to constrain the [SO4
2−]sw in the

geological history, including CAS concentration. Although CAS is con-
sidered unlikely to be an unambiguous quantitative proxy for the
marine sulfate reservoir due to its vulnerable nature and diagenetic loss
(Gill et al., 2008), it has been shown that CAS concentration in carbo-
nates may record temporal variations of the sulfate reservoir (Habicht
et al., 2002; Kah et al., 2004; Planavsky et al., 2012). The CAS

Fig. 8. Negative excursions of δ13C in carbonate successions after the LJE. Two groups of data of Zaonega Formation are shown because they are partly from samples
in different drill cores. Data of Kump et al. (2011) all come from samples in the drill cores No. 12A and 12B, whereas those of Melezhik et al. (2015) are from drill
cores No. 12A, 12B and 13A. Data of the other successions are from outcrop samples.
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concentrations in the Huaiyincun dolostones (< 28.1 ppm) are sig-
nificantly lower than those in the LJE interval (177–232 ppm)
(Planavsky et al., 2012), even lower than those in the Mesoproterozoic
(Luo et al., 2015), which supports a substantial decrease of the marine
sulfate concentration to an extremely low level.

To better constrain the size of the post-LJE seawater sulfate re-
servoir, we quantified the [SO4

2−]sw using the “rate method” developed
by Algeo et al. (2015), which is based on the difference in S-isotope
fractionations between co-occurring sulfate and sulfide (△34SCAS-py)
and the observed maximum rate of δ34SCAS variation (∂δ34SCAS/∂t,
where t is time) (See Algeo et al., 2015 for details). These two para-
meters can be related to each other through a function: [SO4

2−]sw
(max) = k1 × k2 × FPY × △34SCAS-PY/(∂δ34SCAS/∂t) (max), where FPY
represent the burial flux of reduced sulfur (mainly pyrite), k1 and k2 are
constantly equal to 106 and 2.22 × 10−20 mM g−1, respectively (Algeo
et al., 2015). Due to the absence of sulfide (pyrite) in the Huaiyincun
dolostones, we used the average △34SCAS-py value of 19.5‰ in the
interval from 2.0 to 1.9 Ga (compiled by Luo et al., 2015). The duration
of the 4657 m succession which consists of the Jianancun, Daguandong,
Huaiyincun, Beidaxing and Tianpengnao formations was estimated to
be 110 Myrs based on the age data derived from the overlying Guo-
jiazhai Group (1.9–1.8 Ga) and the underlying Hebiancun Formation
(< 2.01 Ga) (Bai, 1986; Liu et al., 2011). This analysis yielded sedi-
mentation rate of around 42 m/Myr. The changing rates of ∂δ34SCAS
were calculated within every four data, as the quotient of △34S(n+4)-n

and duration. These consequently yielded the ∂δ34SCAS/∂t (max) of
50.3‰/Myr in the Huaiyincun Formation. Note that we required a
minimum of 4 points to define a S-isotopic shift, and shifts within 2 or 3
points were ignored to avoid the outliners. Calculation of the [SO4

2−]sw
for the Huaiyincun Formation yielded the maximum value of 0.3 mM
for an oxic ocean (FPY is about 4 × 1013 g yr−1) and 0.8 mM for an
anoxic ocean (FPY is about 10 × 1013 g yr−1) (Fig. 9). This low
[SO4

2−]sw suggests a significant contraction of the SSR following the
LJE. The remarkably low level of [SO4

2−]sw after the LJE is supported
by the absence of sulfate in evaporites at ~1.9 Ga (Grotzinger and
Kasting, 1993; Pope and Grotzinger, 2003) and the occurrence of a
fundamental change in the sedimentary sulfur isotopic composition

(Och and Shields-Zhou, 2012; Scott et al., 2014). Although pseudo-
morphs replacing sulfate crystals have been reported from younger
Paleoproterozoic and Mesoproterozoic successions (e.g., 1.7–1.6 Ga
sabkha deposits of the McArthur basin Walker et al., 1977; McClay and
Carlile, 1978), these are rare and do not form massive beds.

The high-resolution δ34SCAS data from the Huaiyincun Formation
can provide further insights into the aftermath of the LJE. Two stages of
δ34SCAS evolution are observed in the Huaiyincun carbonates. In the
lower part (≤65.6 m), δ34SCAS shows fluctuation around +20‰, along
with near-zero δ13Ccarb, comparable with those in the modern surficial
seawater (Kah et al., 2004). Neither of these two isotope systematics
shows significant shift within the 65.6 m-thick proportion of the lower
Huaiyincun Formation. This steady state ends by a prominent decline in
δ34SCAS above 65.6 m which is followed by a second stage of the curve
with lower values. Like the negative δ13Ccarb excursion, this decline in
δ34SCAS can not be explained by decreased local detrital input from
continental weathering or increased seawater depth, but rather re-
presents purturbations in the sulfur cycling probably related to the
decreased pyrite burial or/and enhanced continental sulfide weath-
ering.

6.6. Transition to the SFE

It has been proposed that the first-order variations in atmospheric
oxygen, ocean redox state, and the size of the SSR are directly related,
as supported by the coincidence of the rise of SSR, the GOE and the
initiation of the LJE (Scott et al., 2014). In the Hutuo Supergroup, os-
cillating positive and negative δ13Ccarb values in ~3000 m thick car-
bonates underlying the Huaiyincun Formation was interpreted as the
aftermath of the LJE (She et al., 2016). Assuming a sedimentation rate
of 40 m/Myr for Proterozoic successions (Kah et al., 2004), this interval
represents a period of ~75 Myrs that record the prolonged transition to
the SFE. In response to the termination of the LJE, the SSR appears to
have decreased significantly, as evidenced by the demise of massive
sulfate evaporite deposits (Pope and Grotzinger, 2003), δ34S of sulfate
and CAS (Planavsky et al., 2012), and highly 34S-depleted pyrites (Scott
et al., 2014). The modelled [SO4

2−]sw (< 0.8 mM) and the extremely
low CAS concentration for all the Huaiyincun dolostones suggest that
the contraction of the SSR probably happened before the deposition of
this formation.

Seawater S-isotopic composition is mainly equilibrated by the flux
of weathering-derived sulfate to the ocean and the flux of sulfur ex-
ported from the oceans through the burial of sulfide and sulfate
(Bottrell and Newton, 2006). The decrease in δ34SCAS values and the
absence of sulfide (pyrite) in the Huaiyincun Formation can be related
to the inhibition of bacteria sulfate reduction, which is consistent with
carbonate deposition and early diagenesis in a well-oxidized shallow
ocean, or to decreased pyrite burial or/and enhanced continental sul-
fide weathering. In the upper Huaiyincun Formation, however, there is
clearly an increasing trend of CAS concentration (Fig. 6), possibly
suggesting a slight expansion of the SSR. This, however, did not result
in the return of seawater sulfate concentrations to early Paleoproter-
ozoic levels, as documented by the overall low CAS concentrations in
the Huaiyincun and other post-LJE carbonates. This change can be at-
tributed to enhanced continental weathering or/and sulfide oxidation.
Without a coeval increase in gypsum burial, both processes would have
inevitably led to an expansion of the SSR. Tectonic processes like the
breakup of the Paleoproterozoic supercontinent might have provided
extra fresh rocks exposed to the atmospheric oxygen, therefore en-
hancing continental weathering. Nevertheless, it was not until late
Neoproterozoic did the seawater sulfate concentrations return to
≥2.5 mM (Scott et al., 2014). In summary, the present study highlights
a critical transition to the SFE that recorded dynamic carbon and sulfur
cycles in the aftermath of the LJE.

Fig. 9. Modelled seawater sulfate concentrations ([SO4
2−]sw) versus S-isotopic

fractionation between sulfate and sulfide (δ34SCAS-PY). The diagonal blue lines
denote maximum rates of change in sulfate (∂δ34SCAS/∂t) (max). The two scales
on the x-axis represent [SO4

2−]sw in oxic (O) and anoxic (A) oceans. (For in-
terpretation of the references to color in this figure legend, the reader is referred
to the web version of this article.)
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7. Conclusions

Carbonates in the 2.0–1.9 Ga Huaiyincun Formation of the Hutuo
Supergroup are well preserved and have only metamorphosed to the
sub-greenschist facies. The lower Huaiyincun Formation, often con-
taining imbricated edgewise intraclasts and showing hummocky cross-
stratification, is characterized by pink-purple dolostones enriched in
hematite and detrital minerals, while the upper Huaiyincun Formation
is dominated by normally graded grey intraclastic dolostones with
distinctly lower detrital contents and higher organic content. These
features suggest a transgression during the deposition of the
Huaiyincun Formation.

In the ~200-m thick Huaiyincun Formation, transition from dolos-
tone rich in hematite and detrital minerals to those with less detrital
phases and hematite is observed at 91.6 m above the base. Whereas the
onsets of negative δ13Ccarb and δ34SCAS excursions are observed at
65.6 m. The unsynchronized changes between mineral assemblage and
C, S-isotopic systematics suggest that change in water depth during
transgression has negligible impact on the δ34SCAS and δ13Ccarb values.
The negative δ13Ccarb excursion from −0.1‰ to −3.7‰ in the
Huaiyincun dolostones was therefore resembling with those in Gabon
and Russia, as part of a multi-basinal phenomenon that may have been
global. Such a widespread negative δ13C excursion would require oxi-
dation of large quantities of OM and hence a drawdown of the atmo-
spheric and oceanic oxygen level.

The high variability of δ34SCAS values ranging from 33.1% to
−1.2‰ and the low CAS concentrations of the carbonates in the
Huaiyincun Formation reveal an extremely low seawater sulfate level
after the LJE. Modelling based on the values of ∂δ34SCAS/∂t and Δ34SCAS-
py further suggests the [SO4

2−]sw might be<0.8 mM. The decrease in
δ34SCAS and the increase of CAS concentration in the upper Huaiyincun
Formation, however, probably represent a slight expansion of the sea-
water sulfate reservoir related to elevated sulfate flux by oxidative
continental weathering.
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